O) are tracers that provide powerful constraints on water transport processes in the atmosphere. This paper presents a description of an atmospheric boundary layer (ABL) simulation system called ISOLESC that couples water isotope fractionation processes with a land surface model, a large eddy simulation model, and a two-moment cloud microphysics parameterization. Results from two model configurations-one with shallow precipitating cumulus and the other for a cloud-free ABL-are presented to evaluate the model performance and determine its sensitivity to isotopic parameterizations. The coupled model successfully reproduces important ABL statistics (ABL height, cloud fraction, and cloud liquid water content), the expected effects of mixing and fractionation on the time evolution of ABL vapor isotopic composition, and observed diurnal variations of near-surface water vapor isotopic composition. For the current configuration, nondiscriminating entrainment contributes 17% to the subdaily time variation of near-surface vapor deuterium excess, while surface evapotranspiration contributes 83%. The isotopic compositions of water vapor and cloud water are insensitive to mesh resolution, but the profiles of cloud water specific humidity, rainwater specific humidity, and its isotopic ratios show moderate response to changes in grid size. Since ISOLESC resolves the energy containing scales of turbulent motions in the ABL and incorporates microphysical processes, it can be used for constraining ABL parameterizations. We find that a further improvement of raindrop reevaporation in the current cloud microphysical scheme is required in order to produce realistic near-surface raindrop deuterium excess for the case simulated here. We suggest that ISOLESC provides a quantitative framework for utilizing vapor-phase isotopic measurements to study local hydrological processes.
Introduction
Water in the atmospheric boundary layer (ABL) plays a crucial role in hydrological and climatic processes. By some estimates, most of the atmospheric vapor resides in this layer (Eltahir & Bras, 1996) . Therefore, a strong water vapor specific humidity gradient typically forms at the interface between the ABL and the overlying free atmosphere. Boundary layer turbulence and entrainment lead to mixing of boundary layer and freetropospheric air. Clouds forming at the top of the ABL transfer water from the ABL into the overlying free troposphere. Entrainment or turbulent diffusion driven by the water vapor specific humidity gradient can also transport water vapor to the free atmosphere. While both these processes dry the ABL, new vapor enters the ABL via evapotranspiration (ET) and advection of moisture from remote source regions. Water transport is an important heat redistributor, globally returning 82% of the surface net radiation energy to the atmosphere (Trenberth et al., 2009) . ET and cloud condensation accomplish this energy redistribution, with the former removing heat from the Earth's surface and the latter depositing the heat above the ABL. Understanding the processes by which the ABL exchanges water with the land and the free atmosphere is at the heart of studies on land-atmosphere interactions.
Because phase changes for different water isotope species occur at slightly different rates, the isotopic compositions of ABL water have been used to advance our understanding of the linkages between land surface exchange and water vapor in the atmosphere (e.g., Gat, 2000) . Evaporation favors the lighter water (H 2 16 O) O and D (Noone, 2012; Smith, 1992) . In precipitation events, raindrop evaporation can bring vapor in the near-surface atmospheric layers to the equilibrium state during sustained rain events (e.g., Lee et al., 2006) , but the kinetic effect may force those layers to deviate from the equilibrium state if the surface air is not saturated (e.g., Wen et al., 2010) . Water vapor evaporated from the land surface typically modifies the 18 O and D compositions of ABL water vapor, with the amplitude of the change depending largely on (1) the relative magnitude of soil evaporation to the total ET flux (Riley et al., 2003; Wong et al., 2017) and (2) the non-steady state nature of plant transpiration (Aemisegger et al., 2014; Lai & Ehleringer, 2011) . Entrainment mixes free atmospheric vapor into the ABL, thus modifying the ABL vapor isotope compositions Welp et al., 2012) . The importance of these last two processes (ET and entrainment) varies strongly with the diurnal cycle of the ABL.
To the best of our knowledge, no currently available model allows for the explicit investigation of the subgridscale isotopic processes such as atmospheric shallow convection and isotopic non-steady state transpiration. The way to account for the interplay between the many processes affecting the atmospheric water cycle at the same time is to develop a new model with careful treatment of land surface processes for water isotopes and treatment of isotopes in cloud microphysics. In this paper, we describe a new modeling system that couples water isotope fractionation processes with a land surface model (LSM), a large eddy simulation (LES) model, and cloud microphysics parameterizations. This modeling system, abbreviated as ISOLESC, represents an expanded version of our previous isotopic LES model (ISOLES; Lee et al., 2011) . Two important improvements are made. First, as ISOLES focuses primarily on enrichment of C 16 O 18 O in plant leaves, its land surface modeling scheme is very primitive: It assumes that ET is contributed solely by plant transpiration (T) and that T is in isotopic steady state. In comparison, ISOLESC uses a more realistic LSM that considers both T and soil evaporation (E) and that the isotopic compositions of T and E are parameterized for non-steady state behaviors. Second, ISOLES can only be used for cloud-free boundary layers. In ISOLESC, cloud microphysics and isotopic fractionation mechanisms are explicitly parameterized and are fully coupled to the dynamics of the ABL flow. The main objectives of this study are (1) to examine the performance of the ISOLESC model in simulating standard ABL statistics and isotope fractionation processes, (2) to evaluate the impacts of model grid resolution and rain evaporation parameterization on vapor and liquid isotopic compositions, and (3) to quantify the relative contributions of entrainment, raindrop evaporation, and surface ET to changes in the ABL vapor isotopic compositions.
This study is motivated in part by the recent rapid increase of isotopic measurements of the vapor phase, thanks to advances in high-frequency laser spectrometry (Bailey et al., 2013; Griffis, 2013; Soderberg et al., 2012) . Laser analyzers are portable, measure the vapor isotopic compositions continuously and at high temporal resolutions (seconds to minutes), and achieve accuracies comparable to that of the traditional mass spectrometry. Despite the explosive growth of laser-based measurements, our ability to interpret water transport processes with these measurements remains descriptive. A cloud-permitting turbulence-resolving isotopic ABL model may therefore provide a quantitative framework for interpreting these vapor-phase measurements to study hydrological processes. It is noted that this paper examines the isotopologues of water, with the term isotopologue meaning a molecule that contains an isotope, and the term will simply be referred to as water isotope. Figure 1 shows a box diagram of the structure of the ISOLESC model system, which consists of six submodels: (1) LES Dynamics, (2) Cloud Microphysics, (3) LES Tracers, (4) Cloud Tracers, (5) LSM, and (6) LSM Tracers. The model system divides total atmospheric water into three pools: (1) water vapor, (2) cloud droplets, and (3) raindrops ( Figure 2 ). Frozen hydrometeors are not currently allowed. The notations used in this study can be found in Table A1 .
Model Introduction

Overall Model Structure
LES Dynamics resolves the turbulent motion using the surface heat and water vapor fluxes calculated by LSM as the lower flux boundary conditions and exchanges between the three water pools calculated by Cloud Microphysics as its source terms. At every integration time step, three humidity variables (water vapor, cloud water, and rainwater specific humidity) are diagnosed from three prognostic variables (liquid water potential temperature, total water specific humidity, and a variable containing the combination of water vapor specific humidity plus cloud water specific humidity) predicted by LES Dynamics during the previous time step.
LES Tracers predicts the transport and evolution of the water isotope species in water vapor and total and liquid water, and the subfilter-scale (SFS) fluxes of these species. At subfilter scales water isotopes are assumed to mix similarly, which therefore assumes that SFS mixing of water isotopes is nonfractionating. Cloud Tracers handles the fractionation during isotopic exchanges between the three water pools. The surface fluxes of the isotope species calculated by LSM Tracers provide the lower boundary conditions for LES Tracers.
LSM predicts the surface sensible and latent heat flux at every time step of integration. The primary input variables for LSM are provided by LES Dynamics at the first model grid point above the surface. Incoming solar and longwave radiation are also inputs to LSM and are updated each time step based on solar zenith angle and the liquid water path (LWP) from Cloud Dynamics.
LSM Tracers is the isotope equivalent of LSM and predicts the surface fluxes of the minor isotope species as the lower boundary condition for LES Tracers. It accounts for the fractionation processes in soil evaporation and plant transpiration and uses variables calculated by LES Dynamics and LSM as inputs.
Except LES Dynamics, all other model components can be individually turned on/off. This feature allows us to investigate the impacts of different atmospheric processes on variation of isotopic compositions of atmospheric water.
LES Dynamics
The National Center for Atmospheric Research's LES code has been described in a variety of earlier manuscripts (e.g., Moeng, 1984; Moeng & Wyngaard, 1988; Sullivan et al., 1996; Sullivan & Patton, 2011 , 2012 . The current model is based on the developments and extensions described in Moeng (2000) , Patton et al. (2005 Patton et al. ( , 2016 , Vilà-Guerau de Arellano et al. (2005) , and Lohou and Patton (2014) . 
Momentum Equations
The model integrates the equations for an ABL under the Boussinesq approximation (which also implies an assumption of hydrostatic balance) on a discretized three-dimensional grid, representing u = (u, v, w) in the streamwise x, spanwise y, and vertical z directions. A discrete Poisson equation for pressure π enforces incompressibility, and an equation for SFS turbulent kinetic energy e permits estimation of the influence of unresolved motions/processes.
The governing equations can therefore be expressed as
In equations (1)- (3), f is the Coriolis parameter, b k is the unit vector in the vertical direction z, U g is the geostrophic wind with horizontal (x, y) components (U g , V g ), β ¼ g=θ v0 is the buoyancy parameter, gis the Earth's gravitational acceleration, and θ v0 is a reference virtual potential temperature. The overbar represents the combined explicit horizontal and implicit vertical filter separating variables into their resolved and SFS components. The SFS momentum (T) fluxes and energy (e) are
In equation (2), P and B represent SFS shear and buoyancy production, respectively, D represents SFS diffusion, and E represents dissipation. Equation (3) is formed by applying the discrete divergence operator to equation (1) and collecting all terms except the pressure in the source term r (Sullivan et al., 1996) . At the upper boundary, Dirichlet conditions are imposed for w and e and Neumann conditions are imposed for all other variables; a sponge layer whose amplitude is controlled by the Brunt-Väisälä frequency at the upper boundary is imposed in the upper 20% of the domain to damp fluctuations for all variables. Lateral boundary conditions are periodic for all quantities. Second-order finite differences are used for vertical derivatives, and a pseudospectral method is used to calculate horizontal derivatives, where the top one-third wavenumbers are eliminated to avoid aliasing errors. Readers are referred to Sullivan et al. (1996) , Patton (2011, 2012) , and Patton et al. (2016) for further details. For computational efficiency, the National Center for Atmospheric Research (NCAR) LES currently updates the microphysics once per full Runge-Kutta time step. See Patton (2011, 2012) for further details.
Moist Thermodynamic Equations
To incorporate the influence of moist thermodynamics, the LES also includes conservation equations for liquid water potential temperature θ l , total water specific humidity q t , a humidity variable q e comprising the sum of water vapor specific humidity q v and cloud water specific humidity q c (i.e., q e = q v + q c ), the number concentration of cloud droplets N c , and the number concentration of raindrops N r . These conservation equations are written as
Symbols B, Q, and N denote SFS fluxes of temperature, specific humidity, and cloud/rain droplets, respectively, and M denotes the microphysical source and sink terms, which are discussed in section 2.3. Equations (6), (9), and (10) are new compared to previous versions of NCAR's cloudy LES (e.g., Lohou & Patton, 2014; Moeng, 1998 Moeng, , 2000 .
From the three prognostic moist thermodynamic variables (θ l , q t , and q e ), three diagnostic humidity variables (water vapor specific humidity q v , cloud liquid water specific humidity q c , and rainwater specific humidity q r ) are reconstructed using the following diagnostic relationships:
where q s is the saturation specific humidity and the MIN and MAX statements imply that the result is the minimum or maximum value of the two quantities in the parentheses. These diagnostic specific humidity variables are used as inputs to the cloud microphysical module described in section 2.3. To calculate q s , one needs to know the local absolute temperature T that is calculated assuming hydrostatic equilibrium, the ideal gas law, and the first law of thermodynamics.
As introduced above, the NCAR LES predicts two specific humidity variables (q t andq e ) and two number concentration variables (N c and N r ). Integrating conservation equations for q t and q e as presented in equations (7) and (8) is advantageous since they vary smoothly across cloud and rain shaft boundaries, thereby reducing errors that would arise if one were to take derivatives of q c and q r independently. Predicting the cloud-and rain-droplet number concentrations increases the degrees of freedom associated with the hydrometeor spectra in the two moment bulk schemes, which improves representation of microphysical processes (such as adiabatic growth, collision-coalescence, raindrop evaporation, and sedimentation) and radiative transfer (Morrison et al., 2005) . Additional information can be found in Morrison and Grabowski (2007) .
Following Betts (1973) , Wexler (1976) , Emanuel (1994) , and many others that followed, the NCAR LES uses the simplifying and close approximation to the first law of thermodynamics to write the liquid water potential temperature θ l as
where θ is the potential temperature, and Π is the Exner function:
which can be viewed as a nondimensional pressure. Here R dry and C p are the specific gas constants for dry air and heat capacity, respectively. In equation (15), p 0 is a standard reference pressure that is usually taken as 1 × 10 5 Pa. A time-invariant hydrostatic mean pressure (p) profile is diagnosed by combining the equation of state, the Exner function, and an initial temperature profile. Liquid water potential temperature θ l is conserved for reversible processes. Precipitation (rain, q r ) is an irreversible process due to evaporation in nonequilibrium (i.e., subsaturated) conditions and fallout at the surface. Therefore, equation (14) only includes the influence of condensed cloud water q c . Rain's influence on θ l enters through the microphysical source/sink terms affecting cloud water (q c ) and absolute temperature (T). Even though nonequilibrium processes through supersaturated or subsaturated exchange of cloud liquid and vapor are permitted by the microphysics, the supersaturation or subsaturation is likely quite small. Therefore, it is reasonable to neglect their nonequilibrium effects.
The NCAR LES typically relies on Deardorff's (1980) 1.5-order closure method to model the influence of SFS motions on the transport of momentum, heat, and all other scalars. Deardorff's (1980) 1.5-order closure follows an equation to estimate the energy contained in these unresolved motions (equation (2) 
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calculating a spatially and temporally varying mixing efficiency associated with these motions. Thus, the quantities T, B, Q q e , Q q t ,N Nc , and N Nr are modeled using
It is currently assumed that heat, scalars, and number concentrations mix similarly; that is, υ H = υ Q = υ N and that the turbulent eddy viscosity υ M (and diffusivity υ H ) describing the transport of momentum (heat and scalars) by SFS motions are
where c m is 0.1 (Moeng & Wyngaard, 1988) and c h is
which for neutral to unstable conditions implies that the Prandtl number for SFS motions is assumed equal to a value of 3. Variable l is a stability-dependent mixing length defined as
Here Δ refers to the filter scale in the model, accounting for the explicit dealiasing of highest one-third wavenumbers associated with the pseudospectral differencing method used in the horizontal (x, y) directions:
In equation (25), c N is a constant equal to 0.76 (Deardorff, 1980) , and N b is a Brunt-Väisälä frequency defined as
where θ v is the virtual potential temperature of cloudy air calculated assuming the following equation of state:
where R vap is the specific gas constant for water vapor.
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Following Sommeria and Deardorff (1977) , Deardorff (1980) , and Cuijpers and Duynkerke (1993) , buoyant production/destruction of SFS energy (term B in equation (2)) is expressed as
where the coefficients a and b depend on the local thermodynamic state (i.e., whether the grid cell is saturated or unsaturated). For the unsaturated (dry, q c = 0) case
and for the saturated case (wet, q c > 0):
Recall that rain can exist (q r > 0) in grid points that are not saturated (q c = 0). It is important to note that the form of equations (30)- (33) is specific to our choice to follow an equation for liquid potential temperature (θ l ); equations (30)- (33) would differ if one were to instead follow an equation for equivalent potential temperature (θ e ). It is also important to note that we have assumed an all-or-nothing approach such that any individual grid box is assumed to be either saturated or unsaturated; there is no possibility for a grid box to be partially saturated (e.g., Sommeria & Deardorff, 1977) . Since supersaturation is prognostic in the Morrison microphysics scheme (Morrison & Grabowski, 2007 , it is anticipated that errors introduced by presuming all-or-nothing saturation at cloud interfaces should be minimal.
At the upper boundary, we impose Dirichlet conditions for vertical velocity w and SFS energy e such that w = e = 0. Neumann conditions are imposed for all other quantities, where ∂u/∂z = 0 and ∂v/∂z = 0. For scalar quantities, we calculate the current horizontally averaged scalar gradient between the uppermost two grid points within the domain and then impose that same gradient between the uppermost grid point and a virtual point outside the domain. So the scalar gradient across the upper boundary is time evolving.
Cloud Microphysics
The bulk two-moment warm-rain scheme originally described by Morrison et al. (2005) has been incorporated into the NCAR LES to represent SFS microphysical proceses. Figure 2 presents a schematic representation of the cloud microphysics in ISOLESC. The size distributions of the cloud droplets N c and raindrops N r are computed from the following gamma distribution function
where D p is particle diameter, andN 0 , μ, and λ are the intercept, shape parameter, and slope parameter, respectively (Morrison et al., 2009) . Here N 0 and λ are derived from specified μ, the LES-predicted total number concentration N, and specific humidity of each species following the Euler gamma function and an assumed power law mass-diameter relationship of the hydrometeors for each species (Morrison et al., 2005 (Morrison et al., , 2009 Morrison & Grabowski, 2007) . For cloud droplets, μ is derived from the theoretical formulation of Khvorostyanov and Curry (1999) . For raindrops, μ is assumed equal to 0, meaning that raindrops follow a Marshal-Palmer (exponential) size distribution (Morrison et al., 2005) . These size distributions are used to predict the mass mixing ratios. Cloud condensation nuclei spectra are derived using an assumed lognormal aerosol size distribution using specified parameters consistent with ammonium sulfate.
In equations (6)- (10), the Mterms represent the microphysical source/sink terms for θ l , N, and q; from Morrison et al. (2005 Morrison et al. ( , 2009 ) and Morrison and Grabowski (2008) , they are written as
where subscripts act, con, evap, aac, auto, self, and sed represent droplet activation of aerosols (for cloud water only), condensation, evaporation, accretion of cloud droplets by rain, autoconversion of cloud droplets to rain, self-collection of cloud water and rain, and sedimentation. The change in q c resulting from activation is calculated by assuming that newly formed droplets have an initial radius of 1 μm. The parameterization describing cloud droplet activation applies the Kohler theory to a lognormal size distribution for aerosols (Morrison & Grabowski, 2007) . Accretion of cloud droplets by rain assumes a simple gravitational collection kernel. The autoconversion tendencies (
follow Beheng (1994) to represent the transfer of N and q from the cloud droplet class to the rain droplet class due to growth by vapor diffusion and coalescence. The self-collection tendency of cloud droplets and rain ∂N ∂t À Á self also follows Beheng (1994) . Rain sedimentation is treated diagnostically in a manner similar to Reisner et al. (1998) . Note that direct condensation of vapor to rain is not allowed (but isotopic exchange occurs between rain and vapor, see section 2.6). The temperature tendency is parameterized by following Morrison and Grabowski (2007) , which is given by
where C is the net condensation rate including both cloud and rain. With the updated temperature and specific humidities of vapor and cloud, the updated liquid water potential temperature can be computed using equation (14).
The raindrop evaporation tendency is given by Morrison et al. (2009) :
where S is the liquid water saturation ratio, and N 0r and λ r are derived from the predicted rain mixing ratio and number concentration (Morrison et al., 2005 (Morrison et al., , 2009 . For a given rain mixing ratio, evaporation rate depends on N 0r only (Morrison et al., 2009 ). In addition, D v is the diffusivity of water vapor in air; f 1 and f 2 are ventilation parameters; A and B are thermodynamic parameters related to the release of latent heat; a r and b r are fall speed parameters for rain whereby the fall speed is a function of particle diameter D given by a r D br ; μ a is the dynamic viscosity of air, S c is the Schmidt number, and Γ is the Euler gamma function. If there is no cloud water/rainwater, the microphysical calculation is skipped.
Land Surface Model
The National Centers for Environmental Prediction/Oregon State University/Air Force/Office of Hydrology (NOAH) LSM, version 2.1 (Chang et al., 1999) provides the lower boundary conditions at every horizontal grid point in the LES. NOAH is widely adopted by the weather forecasting community (e.g., the Weather Research and Forecast model community) for investigation of the hydrologic coupling in the soil-water-vegetation system.
A surface energy balance equation constrains the total exchange of heat and moisture at the surface, where heat and moisture fluxes represent the sum of contributions from unresolved vegetation and from the soil. A big-leaf assumption determines the heat and moisture exchange from the unresolved canopy using a canopy resistance obtained by coupling photosynthesis with incident radiation. A simple linear function of soil moisture availability, fraction of vegetation cover, and potential ET determines the soil evaporation rate. Patton et al. (2005) describe the coupling between NCAR's LES and the NOAH LSM (version 2.7.1; Mitchell, 2005) . For the simulations discussed here, ground vegetation is a perennial grass with a leaf area index of 4 m 2 /m 2 , a roughness length of 0.1 m, and a surface albedo of 0.2. The LSM requires wind speed, air temperature, water vapor specific humidity, air pressure, incoming radiation (shortwave and longwave), LAI, canopy scattering, stomatal characteristics, leaf distribution, soil characteristics, and albedo as inputs. The default initial soil moisture and temperature profiles come from a 2-year the High-Resolution Land Data Assimilation System (HRLDAS) (Chen et al., 2007) simulation targeting the 26 June 1997, Southern Great Plains case simulated by Lohou and Patton (2014) . Additional information can be found in Table A2 . LESderived horizontal wind speed, air temperature, specific humidity, air pressure, and incoming radiation (shortwave and longwave) at the first model level drive the LSM.
LES Isotopes
NCAR's LES can simulate the evolution and transport of an arbitrary number of passive tracers. These tracers are transported similarly as water vapor and heat, but their sources and sinks do not influence the wind field, the cloud microphysics, or other dynamical aspects of the flow. We take advantage of this capability to simulate the transport and diffusion of the minor isotopologues of water.
Because the isotope tracers (HD
16
O or H 2 18 O) are related to specific humidity, the conserved isotopic variables will follow notation similar to specific humidity but denoted by subscript i. For example, q ti is defined as the ratio of the mass of the minor isotope molecules in the vapor and the liquid (cloud droplets and raindrops) to the mass of moist air. The conservation equations for the isotope specific humidity variables are written in a similar way to equations (7) and (8) as
In these equations, the Q terms are subfilter fluxes of the minor isotope species, and the M terms are their sources and sinks calculated by Cloud Tracers (section 2.6).
From the LES prognostic variables q ti and q ei , q ci , and q ri are diagnosed using
where q ci , q vi , and q ri denote the isotopic specific humidity of cloud droplets, vapor, and raindrops, respectively, and α v, l is the equilibrium fractionation factor at air temperature T (Majoube, 1971) . In equation (45), cloud liquid water is assumed to be instantaneously in isotopic equilibrium with the vapor in the same grid cell, as the equilibration time (2 s) for cloud droplets (Jouzel, 1986 ; J.-E. Lee & Fung, 2008) is shorter than the LES time step (~3 s). To ensure that the ISOLESC correctly produces isotopic variabilities in the boundary layer, we completed a test run and found that the isotopic mass budget was closed to within the numerical uncertainty (< 10 À14 kg/kg) in each grid cell during each transport time step.
Isotope Microphysics
The Isotope Microphysics module computes the source and sink terms for the isotope species associated with phase changes occurring both in-cloud and during the reevaporation of rainwater. Isotopic fractionation only occurs during phase changes and is parameterized based upon the instantaneous resolvedscale quantities.
In equations (43) and (44) the M terms are thus given as
Equations (48) and (49) allow us to calculate how the subgrid-scale phase changes modify air-droplet isotopic exchange during the raindrop descent below the cloud layer, and also in-cloud processing and conversions between vapor, cloud drops, and raindrops. The autoconversion, accretion, self-collection, and sedimentation processes modify the liquid water amount from the existing condensate, thus occurring with no fractionation. It is noted that as q ti and q ei combine different forms of water (vapor, cloud, and rain), they are unaffected by microphysical processes. In equations (36) and (48), the only remaining tendency is sedimentation, while equations (37) and (49) lose the activation tendency because it has already been accounted for by the transfer of water in the vapor to the cloud form.
Kinetic fractionation occurs when raindrops fall into the undersaturated layer beneath the cloud (Stewart, 1975) . Although kinetic fractionation would normally cause the liquid at the air-droplet interface to become more enriched in HDO and H 2
18
O than the bulk liquid within the droplet, strong ventilation of the raindrops in natural conditions promotes rapid circulation within the liquid to the extent that the raindrops can be assumed to be of uniform isotopic compositions (Stewart, 1975; Yoshimura et al., 2008) . The raindrop evaporation isotopic tendency is calculated in a consistent manner with the standard water microphysics (equations (41) and (42) but reflecting the isotopic diffusivity and the isotopic equivalent of vapor deficit under unsaturated condition, as
where D vi is diffusivity of HDO or H 2 18 O in air (Stewart, 1975) . The last term in equation (51) can be derived from equation B19 of Blossey et al. (2010) . This derivation assumes that their parameter β is zero and B19 is multiplied by the saturation vapor mixing ratio that is embedded in the factor C r in their equation B19. Note that AB in here is equivalent to 1 + b l in Blossey et al. (2010) . For saturated conditions, following Blossey et al. (2010) , equation (51) becomes
The above treatment of the rain-vapor isotopic exchange/evaporation (equations (50) and (51)) is consistent with the underlying microphysics, has no tunable parameters, and is the default in our model.
Kinetic fractionation creates large uncertainties for climate model simulations of rainwater isotope composition. One key uncertainty, especially in global climate models (GCMs), lies in estimating the effective relative humidity around evaporating raindrops (Bony et al., 2008; Stewart, 1975) . Some modeling studies prescribe the subcloud layer with constant relative humidity, typically 95% (Schlesinger et al., 1988; Yoshimura et al., 2008) , while other studies parameterize this humidity as a function of the resolved relative humidity (equation (56), section 2.6; Bony et al., 2008; Nusbaumer et al., 2017) . For comparison, in an isotope-enabled GCM, the isotopic mass conservation is expressed as
where m is the mass of the raindrop, R r ¼ q ri =q r and R v ¼ q vi =q v are the ratios of the mass of the heavier isotope to the normal water for rain and vapor, respectively. Parameters γ and β are related to the equilibrium and kinetic fractionations as
and
where α e is the equilibrium isotope fractionation factor, which is a function of temperature.D vi and D are the molecular diffusivities of isotopic vapor and normal vapor in ambient air, n = 0.58 is the degree of freedom (Gat, 2000) , and RH e is the effective relative humidity (Bony et al., 2008; Nusbaumer et al., 2017) defined by
where RH grid is the resolved relative humidity. Integrating equations 53-55, we have
where subscript 0 indicates original values without accounting for raindrop evaporation, m denotes the mass of bulk (H 2   16 O) rainwater in a grid cell, and ε, a tunable parameter representing the fraction of the rain droplets reaching the isotopic equilibrium state, is assumed to be 0.95 in this study (Hoffmann et al., 2000) .
Isotopic exchange can be interpreted as a reversible Rayleigh distillation process, but such an approximation neglects isotopic exchange between rainwater and the surrounding vapor in cloudy air and diffusion-driven kinetic fractionation in the subsaturated air when rain falls outside of the clouds. In a reversible moist adiabatic process, where all exchange between vapor and condensate occurs at saturation, condensate is retained in the parcel and no precipitation occurs, and liquid condensate follows the Rayleigh distillation model. So we also use this Rayleigh model to approximate the isotopic tendency due to rain evaporation ∂q r i ∂t evap (see Noone, 2012, equation (13)), in which the nonequilibrium effect of evaporation in subsaturated conditions is neglected. A direct comparison of precipitation isotopic ratios from these three runs will determine how the varying formulations of isotopic fractionation affect the precipitation isotopic compositions.
LSM Isotopes
This module provides the lower boundary conditions for the LES tracer calculations. It historically expresses the isotopic compositions of soil evaporation, canopy transpiration, and ET in the delta notation, and here we convert the delta values to the actual mass flux of the minor isotopes. The delta value (δ) in the unit of ‰ is related to the mass ratio as
where R = q i /q is the ratio of the H 2 18 O or HDO mass to the H 2 16 O mass and R standard is the corresponding mass ratio of the Vienna Standard Mean Ocean Water.
10.1029/2018MS001381
Journal of Advances in Modeling Earth Systems
The ET isotope ratios are given from transpiration (T r ) and evaporation (E) flux and their respective isotope signals:
The isotopic composition of soil evaporation (δ E ) is calculated with the Craig-Gordon model (Craig & Gordon, 1965) :
where δ a is the isotopic ratio of vapor obtained from LES Tracers at the first model grid height, δ s is the isotopic ratio of soil water that is set to À10‰ and À70‰ for δ
18
O and δD, respectively, and kept at these constant values over the course of the simulation, ε k (28‰ for δ
O and 25‰ for δD) is the isotopic kinetic fractionation associated with soil evaporation, RH * is relative humidity in reference to the temperature of the soil, α e is the equilibrium fractionation factor at the soil temperature, and ε e = 1 À α e .
The δ of transpiration under non-steady state is given by
where the δ of water at the evaporating site in the leaves in steady state (δ L, es ) is calculated by inverting the Craig-Gordon model:
and δ L, e is the delta value of the water at the evaporating site in the leaves in non-steady state. Here RH c * is relative humidity expressed as a fraction in reference to the canopy temperature. The canopy kinetic fractionation factor ε ck is given by (Lee et al., 2009 )
where r a , r b , and r c are the aerodynamic, the leaf boundary layer, and the canopy resistances, respectively. In equation (61), α k = 1 + ε ck /1, 000 is the fractionation factor for diffusion. The isotope ratio of xylem water δ x is assumed equal to that of the soil water. By considering temporal changes in the water content and the Péclet effect (Farquhar & Cernusak, 2005) , δ L, e is given by
where W is the leaf water content, w i is the mole fraction of water vapor in the intercellular space, P is the Péclet number (dimensionless), and r t is the total resistance to the diffusion of water vapor. Here w i is calculated from relative humidity. Constant values are used for W and P (Wei et al., 2018) . Equation (64) is solved iteratively by finding a zero difference between its left-and right-hand side. Specific values can be found in Table A2 .
The LSM Tracer module requires two sets of inputs. The first set of input variables, such as wind speed, air pressure, relative humidity, and water vapor isotope compositions, is provided by LES Dynamics and LES Tracers at the first model level above the surface. The second set of inputs (e.g., transpiration rate, canopy temperature, canopy, and soil resistance) comes from the standard LSM code.
Once the isotopic composition of ET flux is known, the surface flux of the minor isotopologue i is given by
where w 0 q 0 v is the ET flux computed by the LSM. Equation (65) is the surface flux boundary condition for LES Tracers.
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External Forcing
Horizontal and/or vertical scalar advection can be added to the conservation equations of θ l , q t , and q e as additional external forcing. Externally imposed geostrophic wind and solar forcing drive the model.
Model Runs
We present seven simulations designed to evaluate model performance for both standard ABL processes as well as isotopic parameterizations. Table 1 summarizes the parameterization schemes and grid resolutions used in these model runs. Except for Run A, all simulations started at 04:00 local time and the results are presented for hours after 06:00 to allow for an initial spin-up period of 2 hr.
For Run A, a 24-hr duration was chosen. Run A is designed to demonstrate the skill of the NCAR LES in simulating standard ABL features during the Rain in Cumulus over the Ocean (RICO) experiment (vanZanten et al., 2011) against simulation results produced by 12 different LES models. This is a case of cumulus cloud with precipitation, with the external forcing prescribed according to vanZanten et al. (2011) . Run A does not use the NOAH LSM because the RICO case relies on an ocean surface flux parameterization using a bulk transfer coefficient method.
To ensure that the subsequent simulations produce rain, Runs B-G use the same RICO-derived initial atmospheric conditions as Run A. Runs B-G also (1) activate the LES Tracers module, (2) deactivate large-scale advection in order to prevent contamination by water sources of unknown isotopic compositions, and (3) calculate surface fluxes from a coupling between the LES and the NOAH LSM using the default configuration described in section 2.6.
Run B serves as a control run, utilizing 256 × 256 grid points in the horizontal directions and 200 grid points in the vertical direction using the default suite of cloud, land surface, and isotopic process parameterizations. Runs C and D are simulations of a cloud-free boundary layer in which the Cloud Microphysics module is turned off. These two runs investigate the influence of the isotopic parameterization of ET on the variability of water vapor isotopes in the ABL. In Run C, the isotopic compositions of the land ET are computed by the LSM Tracers module. In Run D, δ ET is forced to be equal to the vapor isotopic composition δ v , an arrangement that essentially turns off the impact of land ET on the boundary layer vapor isotopic compositions. Run E is a grid resolution sensitivity experiment; compared to Run B (resolution 25 × 25 × 20 m), this run has a relatively coarse resolution (128 × 128 × 100 grid points with grid resolution of 50 × 50 × 40 m).
Runs F and G are configured similar to Run B except that a different isotopic parameterization of raindrop reevaporation is used in each. Run B uses a local treatment of rain vapor isotopic exchange that is faithful to the standard water microphysics (equations 50-52). Here the rainwater relies only on local information and does not require tunable parameters. The only assumption made concerns the rain size distribution. Run F uses the effective relative humidity to account for the fact that the air surrounding the raindrop is more humid than the grid cell average (equation (56) 
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is assumed to follow the reversible Rayleigh distillation mechanism whereby the raindrops and the vapor are in isotopic equilibrium and no kinetic fractionation takes place.
The initial atmospheric profiles of horizontally averaged potential temperature and specific humidity for all simulations are presented in Figure 3 . Initial horizontal winds are constructed as piecewise linear fits of averaged radiosonde profiles launched 2-6 times daily from Spanish Point (Barbuda) during RICO. The RICO case assumes that the imposed geostrophic winds are constant over the duration of the simulation. 
where q v is the initial radiosonde-derived horizontally averaged atmospheric water vapor specific humidity shown in Figure 3 . The initial profile of the vapor deuterium excess (d), which is defined as δD À 8δ
18
O is based on the mean profile from the observation of He and Smith (1999) . The initial profile of the vapor δD is calculated as d + 8δ
18 O. These initial profiles are shown in Figure 3 .
Performance Evaluation
Standard ABL Features
To evaluate our model's capability to simulate boundary layer dynamics, we compare our simulation with the ensemble average of 12 LESs shown in vanZanten et al. (2011; Run A, Table 1 ). The RICO experiment's comprehensive set of measurements of cloud dynamics, surface fluxes, and boundary layer structures (Rauber et al., 2007) provides an ideal setup to evaluate shallow cumulus convection simulations and has been used extensively in previous LES studies (Matheou & Chung, 2014; vanZanten et al., 2011) . continued sensible heat input from the ocean surface, the boundary layer grows steadily with time. The horizontal and time-averaged vertical profiles of liquid water potential temperature (θ l ) and total water specific humidity (q t ) also agree well ( Figure 5 ). 
Isotope Features
We now change focus to results from Run B. In the results presented here, all isotopic compositions are expressed in delta notation in reference to the Vienna Standard Mean Ocean Water standard from the specific humidity variable for normal water and the corresponding specific humidity variable for the minor isotope species. For example, the D/H and 18 O/ 16 O ratios of water vapor are computed following equation (58).
We use subscript v, c, and r to denote the isotopic ratios (δ) of water vapor, cloud water, and rainwater, respectively. Figure 6 shows the diurnal variation of horizontal and hourly-averaged vertical profiles of specific humidity and isotope ratios for water vapor, cloud water, and rainwater from Run B. In the cloudy layer, the horizontal-averaging process implies averaging over regions with and without clouds, and the hourlyaveraging removes the time evolution of individual clouds. As expected, the vertical profiles of q v and δ v have a negative gradient and d v shows a positive gradient across the ABL top from 06:00 to 15:00 LST, imposed by the initial conditions. As the boundary layer grows throughout the day, these gradients ensure entrainment of dry, isotope depleted but high d v air from the free atmosphere into the ABL. Unlike the unsaturated subcloud layer where q v is well mixed (e.g., Maronga et al., 2014) , q v diminishes with height in the cloud layer (i.e., the layer where q c > 0, Figure 6b ). The δ v profiles also fall off with height in the cloud layer, but the d v profiles do not. The lack of d v sensitivity to cloud formation is expected because equilibrium fractionation affect d v only weakly. In this particular simulation, evaporation of falling raindrops (equations (50)- (52)) has negligible effect on d v in the unsaturated subcloud layer because the rainwater specific humidity is several orders of magnitude smaller than the water vapor specific humidity (Figures 5 and 6 ). Figure 7 compares the horizontal-and hourly-averaged LES results for Run B, presented in a δ v versus q v parameter space; this figure also includes the theoretical Rayleigh distillation, a mixing line between surface and free-tropospheric values, and reversible moist adiabatic curves (Galewsky et al., 2016) . For clarity, only results at 06:00, 9:00, 12:00, 15:00, and 18:00 are shown. The theoretical curves describe results from a well-known box model that is widely used as a basis to identify sources of atmospheric moisture from the combination of vapor isotope ratio δ v and vapor specific humidity q v (Conroy et al., 2016; Noone, 2011 Noone, , 2012 Risi et al., 2010; Worden et al., 2007) . Rayleigh distillation is an irreversible pseudo-adiabatic process in an open system (Bailey et al., 2015; Lee & Fung, 2008; Merlivat & Jouzel, 1979; Noone, 2012) , whereby some of the liquid water (raindrops) formed during the adiabatic cooling is removed immediately from the system by precipitation and the remaining liquid water remains in isotopic equilibrium with the vapor in the system (Kendall & Caldwell, 1998) .
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The q v À δ v relationship at 06:00 is essentially that of the initial conditions prescribed to follow the Rayleigh distillation curve (equation (66)). As the clouds form and deepen over time, the q v -δ v relationship shifts closer to the moist adiabatic line and the mixing line; however, the curves do not quite reach the moist adiabatic limit, even in the cloud layer (q v from 5 to 14 g/kg at 12:00 and 9 to 13 g/kg at 18:00) because the subcloud layer air entering the cloud alters the within cloud q v -δ v relationship. This departure from the moist adiabatic limit is consistent with the satellite-based results of Yoshimura et al. (2011) Figure 6. Horizontal-and hourly-averaged evolution of vertical profiles of (a) water vapor specific humidity, (b) cloud water specific humidity, (c) rainwater specific humidity, and of their 18 O isotopic compositions (d-f) and deuterium excess (g-i) in Run B.
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who suggest that water vapor in the cloud layer is isotopically influenced by nonfractionating air mass mixing. The fact that δ v values are lower than the moist adiabatic limit reflects downward entrainment of the isotopically lighter water vapor from the free atmosphere into the unsaturated subcloud layer. Raindrop evaporation can also lower δ v below the cloud layer (q v from 13 to 16 g/kg). However, as mentioned previously, the role of raindrop evaporation should be negligible compared to that of entrainment because of the drastically different magnitude of rainwater versus water vapor specific humidity.
Vertical profiles of the cloud water specific humidity illustrate the time evolution of the cloud layer (Figure 6b ). From 06:00 to 15:00 LST, the cloud layer becomes progressively deeper and higher. The isotopic composition of the cloud water δ c generally decreases with increasing altitude and evolves negligibly throughout the diurnal cycle (Figure 6e ).
The isotopic composition of raindrops δ r shows distinct patterns in the saturated cloud layer and the unsaturated subcloud layer (Figure 6f ). In the cloud layer, δ r is dominated by both equilibrium fractionation and kinetic processes in raindrop sedimentation, accretion, autoconversion of cloud droplets, and raindrop reevaporation. Here δ r in this layer exhibits great height variations. In the subcloud layer (800-1,400 m), the vapor-rain isotopic exchanges increase δ r , resulting in a profile similar to the vertical pattern of δ v . These findings are consistent with the results of a subcloud evaporation isotopic model designed by Salamalikis et al. (2016) . A further enrichment of δ r and depletion of d r induced by strong kinectic fractionation occurs as the raindrop gets closer to the ground surface. This pattern differs from that in observational studies of prolonged rain events where the rainwater is generally in equilibrium with the vapor near the ground (Lee et al., 2006) . In the present case, the rainwater isotopic composition can deviate from the expected equilibrium value (about À5.5‰) by up to 3‰. At the ground level, d r is negative. O isotope composition, deuterium excess, and heat flux of transpiration and ET for the cloud-free run (Run C). The δ of transpiration decreases gradually from 15‰ at 6:00 to about 10‰ at 9:00, stays at a constant value until around 15:00, and then increases gradually afterward; the d of transpiration mirrors the pattern for δ. These subday patterns are consistent with non-steady state behaviors of canopy transpiration observed in field studies (X. Zhao et al., 2014) . X. showed a clear, robust diurnal cycle of transpiration δ of a mixed forest, characterized by high values in nocturnal hours, rapid transitions in the early morning and late afternoon, and low values at midday. Zhao et al. (2014) and Welp et al. (2012) found that d of vapor in the surface air layer shows a clear pattern of high values at midday and low values in the early morning and later afternoon. Simulations using an isotope LSM configured for crop systems (corn and soybean) suggest that this vapor d pattern is consistent with either transpiration or entrainment source (Welp et al., 2012) .
In this model configuration (Run C), soil evaporation contributes about 15% to the total ET. As a result, δ and d of ET are 4‰ lower and 10‰ higher than those of transpiration, respectively. These results confirm that even a relatively small contribution from evaporation can substantially impact the ET isotopic composition (Huang & Wen, 2014; Welp et al., 2012) . 
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Model Sensitivity Experiments
Sensitivity to Mesh Resolution
To capture large eddy motion and the structure of the overlying inversion, a sufficiently fine grid mesh resolution is required (Sullivan & Patton, 2011) . To investigate the influence of mesh resolution on isotope properties of the ABL water, we describe here a comparison of two simulations (Run B and Run E) that differ in mesh resolution but are otherwise identical (Table 1) . Run B utilizes 256 × 256 × 200 grid points with a mesh size of 25 × 25 × 20 m, a resolution that has been demonstrated to produce less grid dependent third-order statistics for nonprecipitating convective boundary layer simulations (Sullivan & Patton, 2011) . Run E utilizes 128 × 128 × 100 grid points with a larger mesh size of 50 × 50 × 40 m.
Overall, the vapor specific humidity q v is relatively insensitive to mesh resolution, with the relative difference being less than 3% between the two mesh resolutions below the height of 2,000 m ( Figure 9 ). In contrast, cloud and rainwater specific humidity q c and q r increase with finer resolution. Cloud fraction and LWP also increase in the fine-resolution simulation: at 14:00 the CC fraction is 0.22 and the LWP is 49 g/m 2 in the fine-resolution simulation, whereas the corresponding values are 0.19 and 34 g/m 2 in the coarse-resolution simulation. These results are supported by several other LES simulations showing CC and LWP increase with refinement of grid size (Matheou & Chung, 2014; Stevens, 2002; Stevens et al., 2002 Stevens et al., , 2005 Yamaguchi & Randall, 2012) . These mesh-dependent behaviors are likely related to a combination of the all-or-nothing assumption for condensation and evaporation and the ability for the higher-resolution grid to resolve 
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sharp gradients. Matheou and Chung (2014) also found an insensitivity of q v to grid resolution for the RICO case, but unlike our results, they also found liquid water content to be insensitive to grid size, a result that speaks to differences in the parameterizations of microphysical and subgrid-scale turbulence, as well as in the discretization of scale advection. Large-scale horizontal advection is turned off for all runs except Run A because our study focuses on isotopic simulations in a nearly closed system to avoid contamination by water sources of unknown isotopic composition.
Even though there are significant differences in simulated cloud water specific humidity variables (q c ), isotopic quantity δ c appears relatively insensitive to grid resolution, with differences less than 0.1‰ between Runs B and E at a height of 2,000 m. This is related to the assumption of isotopic equilibrium between cloud liquid and water vapor and the approximate grid independence of water vapor and its isotopic composition. Rainwater isotopic composition is also relatively grid independent in the cloud layer since rain formation through autoconversion and accretion of cloud liquid is nonfractionating. As a result, the cloud isotope ratios become largely resolution independent. Apparently, the insensitivity is a clear limitation in using isotopes to diagnose cloud humidity biases in LES models. On the other hand, the subcloud raindrop reevaporation effect is highly sensitive to resolution. Relatively speaking, isotopic kinetic fractionation between the rain and the ambient vapor becomes more important with finer mesh resolution. Similar to our cloud droplet results, the nonfractionating process of rain-vapor water exchange becomes more important for δ r in the cloud layer than in the subcloud layer. In comparison δ v does not exhibit resolution sensitivity.
Land Surface and Entrainment Impacts
Several observational studies have shown that the diurnal variation of near surface δ v is lowest and the d v is highest during the afternoon (Angert et al., 2008; Lai & Ehleringer, 2011; Welp et al., 2012; Wen et al., 2010) . The physical processes driving these diurnally varying isotopic cycles include (i) equilibrium and kinetic fractionation during in-cloud condensation and rainout processes; (ii) mixing of different air masses with different δ and d values; (iii) entrainment of the free atmospheric air into the boundary layer; (iv) the addition of moisture from surface ET; and (v) partial evaporation of raindrops below the cloud base (Lai et al., 2006; Lai & Ehleringer, 2011; Welp et al., 2012) . Because multiple processes occur simultaneously under natural conditions, it is difficult to determine which process dominates from observational studies.
Here we interrogate two cloud-free and large-scale advection-free simulations (Runs C and D), where the goal is twofold: (a) to demonstrate that the ISOLESC model reproduces these near-surface diurnal patterns of the vapor isotope compositions and (b) to isolate the relative contribution of entrainment and surface ET. In these two runs (C and D), changes to the boundary layer water vapor are controlled solely by vertical mixing and ET. The primary difference between these runs is that the ET isotope ratios in Run C are predicted by the LSM, which accounts for the non-steady state behaviors of plant transpiration and soil evaporation, but those in Run D are forced equal to the isotopic compositions of water vapor at the first grid point above the surface, an arrangement that eliminates the influence of ET on boundary layer vapor isotopic composition. Without land surface isoforcing on the boundary layer (Run D), the near-surface δ v is about 1‰ lower than the case including land surface isoforcing (Run C), and δ v and d v show a slight decreasing and increasing trend with time, respectively, with no apparent diurnal cycle (Figure 10 ). On the other hand, Run C reveals a clear diurnal cycle: δ v is lowest in the afternoon and highest in early morning and in the evening, with an amplitude of change of 1.2‰, and d v is highest in the afternoon and lowest in early morning and in the evening, with an amplitude of change of 5.0‰. These patterns are consistent with Ehleringer (2011), Lai et al. (2006) , and Welp et al. (2012) .
A comparison of these two simulations reveals the relative roles of entrainment and land surface ET on water vapor isotopes. During the morning growth of the ABL, free-tropospheric water vapor with low δ v and high d v 
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is entrained into the boundary layer (Welp et al., 2012) . Because the influence of land-surface isoforcing is turned off in Run D, entrainment is the sole contributor to the time evolution of δ v and d v . In Run D, entrainment decreases δ v in the subcloud layer by 1.2‰ and increases d v by 4‰ between 06:00 and 18:00 LST (Figure 11 ). Run C includes the influence of both entrainment and the land surface sources, which produces a larger decrease of δ v and increase of d v in the subcloud layer over the same time period. These results imply that for these atmospheric conditions, the entrainment and land surface effects are, respectively, responsible for 17% and 83% of the changes occurring throughout the day.
Impact of Isotopic Rain Evaporation Parameterization
Comparing results from Runs B, F, and G permits analysis of the sensitivity of our results to the rainwater evaporation fractionation parameterization under the current atmospheric conditions. As introduced in sections 2.6 and 3, the treatment of isotopic exchange between rain and vapor in Runs B is faithful to the standard water microphysics. Run F uses an effective relative humidity as the input for the isotopic fractionation equation, which is a common approach in isotope-enabled GCM models. Run G follows the reversible Rayleigh distillation mechanism, whereby the raindrops and the vapor are in isotopic equilibrium and no kinetic fractionation takes place. Figure 12c shows vertical profiles of δ r at 15:00 from these three runs. In the reversible Rayleigh case (Run G), δ r is rapidly enriched with decreasing height (δ r = À 6.9‰ at 3,000 m and δ r = À 0.5‰ at the surface) because of raindrop reevaporation during its descent below cloud base toward the surface, whereas d r is not affected during the transport. Although deuterium excess is not totally conserved in Rayleigh condensation, in the present case it is approximately constant because only a small segment of the Rayleigh curve is traversed during rain reevaporation. Therefore, Run G exhibits the highest near-surface d r . However, the assumption that neglecting the effects of subsaturation (i.e., kinetic fractionation) during evaporation is not totally realistic. Run B produces increased δ r and strong depletion of d r near the surface compared to Run G. These patterns make sense since the evaporation process tends to reduce d r and increase δ r . However, the unreasonably negative d r (À8‰) at the ground level suggests that the kinetic fractionation may be too strong in the reevaporation calculation in Run B. Another possibility for this negative bias is that the wind shear in this simulation is quite strong (mean geostrophic wind 8.0 m/s at the height of 1.5 km), causing the rain to fall outside the cloud and therefore undergo unusually large kinetic fractionation. As Figure 13 shows, the resolved RH in the cloud layer (at a height of 1000 m) and in the subcloud layer (at a height of 200 m) differs by about 25%, causing strong kinetic fractionation during the raindrop descent. Using an effective humidity parameterization (equation (57), Run F) produces a more realistic near-surface d r (7‰). The improvement suggests that even in such a high-resolution simulation, the conditions around the raindrop are not resolved, especially below the cloud layer. These different kinetic fractionation parameterizations have a negligible effect on the isotopic compositions of water vapor (Figure 12 ), which again results from the fact that there are several orders of magnitude more water vapor mass than raindrop mass (Figure 6 ).
Nevertheless, this sensitivity analysis confirms that below the cloud layer the kinetic effect exerts strong influences on the isotopic composition of precipitation reaching the ground (Hoffmann et al., 2000) . Previous studies on raindrop reevaporation deploy large grid sizes typical of a GCM (~100 km) or a regional model (~5 km) and use the partial equilibration RH relationship to represent unresolved RH variations. This assumption is useful but at the same time makes raindrop isotope composition less sensitive to microphysical 
Discussion
ISOLESC is a tool for investigating the interplay between various processes involved in the atmospheric water cycle, by using the additional constraints provided by the stable isotopes of water. In this regard, it is complementary to other isotope-enabled atmospheric models, including GCMs Yoshimura et al., 2008) , regional climate models (Yoshimura et al., 2010) , and cloud resolving models (CRMs) (Blossey et al., 2010) . Each class of these isotope-enabled models has its strengths and limitations. Although GCMs and CRMs are widely used to investigate the impact of continental recycling , vapor source identification (Wei et al., 2016) , and air-rain isotopic exchange (Lee & Fung, 2008) , their coarse resolutions (> 10 km) do not allow explicitly resolved atmospheric convection. Blossey et al. (2010) overcame this weakness by using cloud-resolving simulations with horizontal resolutions of about 2.5 km 2 along with a variable vertical grid spacing of 75-300 m, demonstrating large impacts of deep convection and cirrus cloud formation on the isotopic compositions of water vapor near the tropopause. However, the resolutions of CRMs are still too coarse to resolve turbulent fluxes and the exchange between the ABL and the free atmosphere.
By design, ISOLESC can handle boundary layer transport processes that other isotope-enabled atmospheric models cannot. For example, entrainment at the top of the boundary layer is explicitly resolved in ISOLESC. So ISOLESC can quantify the influence of the free-atmospheric vapor on the variability of the vapor isotopic composition near the surface (Figure 10 ). This free-atmospheric influence is a source of uncertainty in determining the isotopic composition of surface ET from the Keeling mixing model . In principle, ISOLESC can be used to correct this error if the free-atmospheric δ v is known.
ISOLESC can also be used to interrogate the influence of isotopic spatial variations produced by organized turbulent motions in the ABL. An example is shown in Figure 13 . Although the vertical variation of mean δ v 
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is fairly uniform in the boundary layer (Figure 9 ), organized turbulent motions create large variations at the resolved eddy scales. At a height of 1,000 m, clouds (RH > 97%) occupy about one third of the horizontal domain in the example shown in Figure 13 . Contrary to conventional belief, the within-cloud vapor isotopic composition is not homogeneous; instead, it can vary by up to 1‰ for 18 O (for the conditions simulated here). In the subcloud layer (at a height of 200 m), pockets of high δ v are evident (Figure 13 ), presumably resulting from raindrop reevaporation.
Using the isotope-enabled Community Atmosphere Model, Nusbaumer et al. (2017) found that large uncertainties in water isotope ratios in the atmosphere result not only from insufficient resolution but also from the model physics itself. The isotopic representation of cloud processes is one of the major sources of uncertainty. In this study, isotopic exchange of vapor, cloud liquid, and rain was added to a two-moment microphysics scheme, which should improve the parameterization of cloud processes over models that use one-moment microphysics schemes. Galewsky et al. (2016) and Pfahl et al. (2012) argue that twomoment schemes are superior to one-moment schemes because the latter is essentially a bulk parameterization that does not differentiate droplet size classes.
Another modeling uncertainty relates to isotopic fractionation of evaporating raindrops and representation of cloud microphysics. In the unsaturated subcloud layer, precipitation isotope ratios are highly sensitive to the relative humidity of the air surrounding the reevaporating raindrops and to the fraction of raindrops that reevaporate (Bony et al., 2008; Salamalikis et al., 2016; Stewart, 1975) . With notably smaller grid meshes (~25 m) than typically used in larger-scale weather, cloud-resolving, and climate models (~1 to100 km), the ISOLESC d r simulation results are still too negative compared to reality. Since isotopic fractionation of evaporating raindrops has been well studied (Bony et al., 2008; Lee & Fung, 2008; Salamalikis et al., 2016; Stewart, 1975) , this bias could be attributed to too strong reevaporation rate in Morrison two-moment cloud microphysical scheme and the fact that conditions around the falling raindrop in the subcloud layer are not fully resolved. It is worth noting that the particular case simulated here is synthetic and is not constrained by observations.
Most previous water isotope models assume that ET over land occurs without fractionating against the heavier water isotopes; this assumption is justified on time scales of days to weeks since mass conservation requires (1) that the isotope compositions of the evaporated water be equal to those of the source water on these time scales or (2) that an isotopic steady state be maintained (Griffis et al., 2011) . However, it is well known from experimental studies that plant transpiration and soil evaporation exhibit nonsteady state behaviors at subdaily time scales (Lai & Ehleringer, 2011) . Our ISOLESC simulations confirm that the non-steady state behaviors can play a large role in the water vapor isotopic variability in the ABL through the course of the day. Omission of the fractionation mechanism during ET may be a key reason for why GCMs have difficulty reproducing the observed near-surface water vapor isotopic composition, especially for deuterium excess.
A drawback of ISOLESC is that it requires that the isotopic composition of free-atmospheric vapor be specified through the initial profiles (Figure 3 ). Although it is reasonable to assume that the initial vapor 18 O profile follows the Rayleigh relation with the initial specific humidity in the boundary layer (equation (66), Bailey et al., 2013) , the use of an observed vapor deuterium excess (d v ) profile in the northeast United States (He & Smith, 1999) as the initial condition is somewhat arbitrary. The aircraft measurements of He and Smith (1999) , which appears to be the only published data set on d v profiles in the boundary layer, show that d v is 18‰ greater in the free atmosphere than in the boundary layer, but it is unknown whether the free-atmospheric vapor always has higher d v than vapor in the ABL. Free-tropospheric profiles could also be drawn from isotopeenable GCMs. However, these profiles have not been validated by observation. Direct measurements of d v above the boundary layer are urgently needed to improve the realism of ABL isotope modeling.
A second key limitation of ISOLESC relates to having assumed that the atmosphere is incompressible. Although assuming an incompressible atmosphere is appropriate for boundary layer scale studies, this assumption restricts ISOLESC's applicability to shallow-cloud regimes (i.e., regimes with relatively small cloud-induced vertical velocities). Therefore, ISOLESC is not appropriate for studying the influence of deep convection on isotopic variations.
While the present study reports ISOLESC simulation results with an atmosphere configured to produce precipitating shallow cumulus clouds (i.e., RICO), ISOLESC has also been configured to simulate regimes 10.1029/2018MS001381
dominated by nonprecipitating shallow cumulus clouds (SGP97, Brown et al., 2002 and Lohou & Patton, 2014) and stratocumulus (Moeng, 2000) 
Conclusions
The backbone of ISOLESC is the NCAR LES. Key features of ISOLESC include the following: (1) parameterization of non-steady state isotopic behaviors of plant transpiration and soil evaporation, (2) nondiscriminating exchanges of light and heavy water vapor isotopes between the ABL and the free atmosphere via entrainment, (3) equilibrium fractionation associated with cloud related water phase changes using a two-moment cloud microphysics scheme, and (4) kinetic fractionation of raindrops in nonsaturated grid cells and under the cloud layer.
ISOLESC successfully reproduces the standard ABL features observed during the RICO experiment, including the ABL height, the cloud fraction, the LWP, and the vertical distributions of cloud and rainwater specific humidity. The simulated time evolution of the water vapor isotopic composition and the vapor specific humidity in the ABL matches reasonably well with the theoretical curves expected of the moist adiabatic and mixing processes. The diurnal changes in the near-surface vapor 18 O composition and deuterium excess broadly agree with observed patterns. For the current configuration, nondiscriminating entrainment only contributes 17% to the subdaily time variation of near-surface vapor deuterium excess, and fractionation associated with surface ET contributes 83%.
Our model simulations demonstrate the sensitivity of ABL properties to mesh size and isotopic parameterizations. The grid size has appreciable effect on the cloud water specific humidity but little impact on the predicted isotopic compositions of water vapor and cloud droplet. The rainwater specific humidity and its isotope ratios are highly sensitive to resolution, as a result of different saturation conditions between fine and coarse resolutions. This isotopic analysis of raindrops confirms that the kinetic effect exerts strong influences on the isotopic composition of precipitation reaching the ground.
Because entrainment of free-tropospheric air into the ABL participates substantially in controlling the temporal evolution of the ABL's water vapor composition (Sodemann et al., 2017) , the initial condition for water vapor isotopic composition imposed in the free troposphere strongly impacts ISOLESC results. Direct measurements of d v above the boundary layer are urgently needed to improve the realism of ABL isotope simulation and hence the community's understanding of the processes controlling water isotopes in the ABL. Allowing soil moisture isotope ratios to evolve during the simulation might also prove beneficial.
Appendix A
The notations used in this study are shown in Table A1 , and site information and initial settings of the isotopeenabled land surface model are described in Table A2 . 
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